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Temperature and salinity are two of the key properties of ocean water masses.
The distribution of these two independent but related characteristics reflects the interplay
of incoming solar radiation (insolation) and the uneven distribution of heat loss and gain
by the ocean, with that of precipitation, evaporation, and the freezing and melting of ice.
Temperature and salinity to a large extent, determine the density of a parcel of water.
Small differences in temperature and salinity can increase or decrease the density of a
water parcel, which can lead to convection. Once removed from the surface of the ocean
where “local” changes in temperature and salinity can occur, the water parcel retains its
distinct relationship between (potential) temperature and salinity.  We can take advantage
of this “conservative” behavior where changes only occur as a result of mixing processes,
to track the movement of water in the deep ocean (Figure 1). The distribution of density
in the ocean is directly related to horizontal pressure gradients and thus (geostrophic)
ocean currents.  During the Quaternary when we have had systematic growth and decay
of large land based ice sheets, salinity has had to change. A quick scaling argument
following that of Broecker and Peng [1982] is: the modern ocean has a mean salinity of
34.7 psu and is on average 3500m deep.  During glacial maxima sea level was on the
order of ~120m lower than present.  Simply scaling the loss of freshwater (3-4%)
requires an average increase in salinity a similar percentage or to ~35.9psu.  Because
much of the deep ocean is of similar temperature, small changes in salinity have a large
impact on density, yielding a potentially different distribution of water masses and
control of the density driven (thermohaline) ocean circulation.  It is partly for this reason
that reconstructions of past salinity are of interest to paleoceanographers.
What is salinity?  At the simplest of all levels, salinity is the total amount of
dissolved materials in seawater.  It is not practical to evaporate seawater samples to
dryness to determine the total dissolved materials and some materials such as chlorides
are lost during drying.  A more complete definition was created by the International
Council for the Exploration of the Sea whereby salinity was defined as the “total amount
of solid materials in grams dissolved in one kilogram of sea water when all the carbonate
has been converted to oxide, the bromine and iodine replaced by chlorine and all organic
matter completely oxidized.”  Again this is a difficult measurement to make accurately.
Taking advantage of the near constant proportionality of the major salts in seawater,
salinity was “redefined” using chlorinity and a simple linear relation S = 1.80655*Cl,
where chlorinity is “the amount of silver required to precipitate completely the halogens
in 0.3285234kg of seawater” [Wooster et al., 1969].  At about the same time, a
relationship between salinity and conductivity was also proposed.  Conductivity
measurements are relatively easy compared to the chemistry-based techniques, and
accurate.  The relationship between salinity and conductivity has been revised slightly
such that the practical salinity scale of 1978 is now the official definition and knowing
the conductivity, pressure, and in situ temperature allows salinity to be calculated [Joint
Panel 1980; Millero 1996].  Surface salinities reflect the precipitation-evaporation-fresh
water balance and span the full range of potential values from 0 psu in freshwater rivers
and coastal environments to 42psu in regions of high evaporation such as the Red Sea.
Interior ocean salinities do not range as much:  ~33.8psu (Antarctic Intermediate Water)
to ~36.5 (North Atlantic Central Water), with abyssal waters in general differing by less
than 1 psu (Figure 2).
2.  Reconstructing Past Salinity Variations (with an emphasis on the Quaternary)
As paleoceanographers we have several different approaches that we can utilize to
reconstruct past variations in salinity.  These can be grossly classified as “biological” and
“chemical.”  In the purely biological approach we relate the distribution and relative
abundance of certain species to salinity and make an assumption that this empirical
relationship holds back through time.  The salinity gradients in the deep ocean are very
small so this approach has been mainly used to attempt to reconstruct surface salinity
variations in the open ocean, and changes in estuarine or coastal environments.  A classic
example of this approach is the work of CLIMAP researchers [e.g., Kipp 1976] who
related the distribution of planktonic foraminifera in core-top sediments to seasonal and
annual salinity.  In this example, the relative abundances of the (26) species of planktonic
foraminifera are deconstructed using Q-mode factor analysis [e.g., Imbrie and Kipp 1971;
Joreskog et al., 1976] into major modes or factors which are then related to surface
salinity observations using a multiple linear regression scheme (Figure 3).  The
empirically derived relationship between the major factors and salinity is then used as a
model to estimate past surface salinity from planktonic foraminifera census counts in
sediment samples taken downcore and back through time (Figure 4).
How might we otherwise reconstruct past salinity variations and take advantage
of other “conventional” biogeochemical proxies?  Are there relationships between
elements or isotopes in the skeletons of for example carbonate fossils and salinity?  Can
we directly measure past salinity variations?
2.1 “Current” methods of reconstructing past salinity
Current methods of reconstructing past ocean salinity focus on using either direct
measurements of past δ18Owater (e.g., glacial pore water δ18O), or independent
paleotemperature proxies (e.g., alkenones, foraminiferal Mg/Ca, coral Sr/Ca, faunal
assemblages) to extract the past δ18Owater signal from the δ18O-carbonate record.  Pore
water chlorinity measurements can be used to directly estimate glacial salinity.  The
indirect methods using biogeochemical proxies have the advantage over the direct pore
water estimates by facilitating time series and having the potential to document so-called
abrupt climate change events at the sub-millennial to seasonal time-scale.  The
reconstructed δ18Owater record can then be deconvolved into its ice volume and salinity
components.  For the sake of this paper, we focus on open ocean salinity changes,
although additional methods of reconstructing estuarine and brackish water salinities are
used.  For example, the large salinity changes associated with brackish environments
allows the use of faunal assemblage changes as direct salinity proxies, whereas in open
ocean environments salinity changes are generally too subtle to cause large faunal
changes.  We focus particularly on combining Mg/Ca and δ18O measurements in marine
carbonates as a means to reconstruct open ocean glacial-interglacial δ18Ow (salinity)
estimates.  An analogous technique applied to reef-building hermatypic corals is the
combination of Sr/Ca and δ18O [c.f. McCulloch et al., 1994; Hendy et al., 2002; Quinn
this volume; ].
We begin with the consideration of the workhorse of paleoceanography: δ18O
thermometry.  We do this because the direct estimates of salinity during the last
glaciation provide a constraint on one of the primary factors in the δ18O of marine
carbonate and thus there is a need to have common basis of understanding.  The ratio of
18O to 16O (expressed as δ18O) in biogenic carbonates has been exploited as a
geochemical paleothermometer since the pioneering work of Urey [1947, 1953] and
Epstein [1951, 1953].  Weber and Woodhead [1972] documented that the oxygen isotope
temperature sensitivity of reef-building hermatypic corals is similar to that of the oxygen
paleotemperature scale developed for mollusks [McCrea, 1950; Urey et al., 1951; Epstein
et al., 1951, 1953], approximately 0.21‰ per °C.  Similar comparisons have been made
using foraminifera [eg., Bemis et al., 1998, Shackelton 1974 among many].  Thus
biogenic carbonate δ18O is a function of temperature, and variations in the oxygen
isotopic composition of water (δw).  (To be complete, carbonate ion content and pH also
exert a small effect – Spero et al 1997. For this discussion we will assume that this is a
minor effect.) Most marine biogenic carbonate materials have a temperature sensitivity
similar to that of inorganic carbonate [e.g., Kim and O’Neil 1997].
So what controls the oxygen isotopic composition of seawater and does this relate
back to salinity?  On long, geologic timescales water-rock interactions control the mean
isotopic composition [Faure 1986].  On glacial-interglacial timescales 18O depleted water
is locked up in ice sheets leaving the ocean more enriched in 18O.  In a gross
oversimplification 18O is heavier than its more abundant 16O cousin and as moisture
travels from the evaporating sources of the ocean to the growing ice sheet the 18O rains
out in precipitation leaving the remaining vapor depleted or more negative (cf. Craig and
Gordon 1965; Dansgaard 1964; Rozanski et al., 1993 Figure 5), this is in addition to the
lower vapor pressure of 18O which yields a more negative (fewer H218O than H216O
compared to the water source) vapor phase to begin with. Thus during glacial periods
when this high latitude precipitation is locked up in ice-sheets the ocean has more 18O in
it than during interglacials or if you prefer, less 16O, which leaves the ocean relatively
“enriched” in 18O with a corresponding more positive δ18Ow.   Even without growing ice-
sheets, high latitude (and altitude) precipitation has a more negative δ18O value and as
this water enters the ocean as freshwater with zero salinity it yields a relationship
between salinity and δ18Ow.  Craig and Gordon [1965] proffered the first ocean-wide or
global surface salinity-δ18Ow relationship: ~0.6‰ for every salinity unit (Figure 6a).  In
actuality, the whole ocean salinity-δ18Ow relationship is the result of a series of regional
relationships (Figure 6b and c) which reflect the local precipitation-evaporation balance,
the input of river or glacial meltwater, and ocean dynamics [eg., Fairbanks et al., 1992;
Schmidt et al. 1999 ].  Local/regional surface water δ18Ow-salinity relations range by an
order of magnitude from ~0.2‰/psu to ~1.5‰/psu (Figure 6c).  The deep-ocean
δ18Owsalinity relationship is on the order of ~1.5‰/psu [e.g., Craig and Gordon, 1965].
If one can independently determine or estimate temperature and the eustatic
(global) ice-volume component, these can be converted into δ18O space and subtracted
from the measured (biogenic) δ18Ocarbonate.  The residual δ18O is an estimate of regional
δw (salinity) variations.  Implicitly, it is assumed that the regional relationships
determined on present day seawater hold back through time. During the late Holocene
and in the “near instrumental” period, there is no ice volume component.  In theory, this
allows for a simple subtraction of the temperature component from measured
δ18Ocarbonate.  Late Holocene and near instrumental paleosalinity (δw) studies include
seasonal and interannual variability of freshwater input on the Great Barrier Reef as a
consequence of the El Niño-Southern Oscillation, and surface salinity variations of the
North and subtropical Atlantic during the Little Ice Age to name a few.
So called “site to site” δ18O reconstructions can in principle avoid many of the
complications of deconvolving ice volume and temperature from individual cores’ marine
carbonate δ18O. An example of this is the work of Maslin and Burns [2000] who utilized
a suite of cores off the coast of Brasil to estimate the past (salinity) influence of the
Amazon outflow.  In this example a set of cores was selected from a limited geographical
area where it was expected that each core site had similar past sea surface temperature
variations. One set of cores was south and upstream of where the Amazon River
discharges into the Western Equatorial Atlantic and the other set was downstream of the
discharge point.  The records were independently synchronized (eg., 14C dates and/or a
stratigraphic tool other than δ18O). The common portion of their δ18O signal includes ice
volume and sea surface temperature.  The non-common portion is the difference in sea
surface δ18Ow (salinity) due to the Amazon.  Subtraction of the downstream core’s
planktonic δ18O timeseries from that of the upstream one yielded a time-varying estimate
of the influence of the Amazon.
In a series of elegant studies, Schrag et al., [1996] and Adkins et al., [2002]
analyzed the δ18O content of deep-ocean sediment porewaters and determined that the
mean ocean was ~1‰ heavier during the last glacial maximum. Over time via diffusive
processes pore-water δ18O equilibrates with that of the overlying deep-ocean.  Thus the
change from full glacial conditions ~20,000 years ago to the present interglacial is
“remembered” in the sediments.  Combining measurements with a pore-water diffusion
model allows the glacial condition to be reconstructed from the current porewater δ18Ow
profile.  To do so they compressed or squeezed the pore-waters out of sediment and
analyzed its oxygen isotopic composition. These results provide a direct measure of
removing the whole ocean δ18Ow from marine carbonate δ18O analyses.  This change can
then be partitioned as a function of sea level (time) over the last glacial cycle in a fashion
similar to that proposed by Fairbanks and Matthews [1979] and Fairbanks [1989; 1990].
It is generally assumed that this relation holds for previous Pleistocene glacial cycles and
mainly insensitive to the oxygen isotope composition of Northern versus Southern
hemisphere ice sheets [eg., Mix, 1987]. Adkins, McIntyre, and Schrag [2002] performed a
more difficult suite of porewater chlorinity measurements thus providing for the first time
a direct measure of salinity of the deep ocean during the last glacial maximum. Adkins et
al., confirmed that the deep ocean was significantly saltier 20,000 years ago and that the
deep ocean was significantly colder than present (Figure 7).  Astonishingly, Adkins et al.,
measured waters from the deep Southern and Pacific oceans that are significantly more
salty than our whole ocean glacial estimate of 35.9psu.  They determined that unlike
today when the saltiest deep-water is formed in the North Atlantic, the Southern Ocean
was saltier by a large margin.  Adkins et al., correctly infer that brine rejection during sea-
ice formation played a much more dominant role in deep-water production.  A corollary
to this observation is that the pole to pole freshwater budget must have been very
different than today.  A very strong constraint on the mechanisms of formation and
redistribution of deep-water during the last glaciation would be a systematic basin-wide
porewater study similar to Adkins et al., to accurately constrain the geometry of glacial
deep-waters.  This direct reconstruction of paleosalinity (through chlorinity) removes
assumptions and complications due to nutrient chemistry implicit in other
biogeochemical proxies such as δ13C [eg., Curry and Oppo 2005; Duplessy 1988].
2.2 Combined Mg/Ca and δ18O:
At present, the combination of Mg/Ca and δ18O of foraminifera (and ostracods)
has the most potential for reconstruction of Quaternary salinity changes and this
combined method is beginning to be widely applied.  Foraminiferal Mg/Ca provides an
independent temperature estimate that can be used to extract the δ18Owater signal from the
δ18Ocarbonate record.  Although there are a number of commonly used paleotemperature
proxies, including alkenones, foraminiferal faunal assemblages, Mg/Ca of foraminifera
and Sr/Ca of corals, all of which have their own advantages and disadvantages (reviewed
in this volume), as a salinity proxy the combination of Mg/Ca and δ18O has the advantage
that both analyses are conducted on the same material (foraminiferal calcite), thus
alleviating issues related to differences in seasonality, habitat and ecology.
Mg/Ca paleothermometry:
Although the relationship between Mg and temperature in calcite has been
recognized for many years, Mg paleothermometry did not come widely into use until the
last decade. Several early studies documented that magnesium was higher in foraminifera
shells precipitated in warmer waters [Bender, et al., 1975; Chilingar, 1962; Hecht, et al.,
1975; Savin and Douglas, 1973], although initial concerns about secondary effects
precluded wide acceptance of the Mg/Ca proxy.   However, studies of inorganic calcite
precipitation demonstrated that magnesium incorporation is largely controlled by
thermodynamics, and indicated that Mg substitution into the calcite lattice takes an
exponential form that can be described by the equation:
Mg/Ca = b e mT
Where b is the pre-exponential constant, m is the exponential constant and T is the
temperature [Katz, 1973; Mucci, 1987; Oomori, et al., 1987].
Mg/Ca temperature calibration equations
Since these early studies, work has focused on developing Mg-temperature
calibration equations for biogenic calcites (benthic and planktonic foraminifera,
ostracodes, molluscs) using culturing, sediment trap and core-top material.  Calibration
equations derived from live culturing experiments of Globigerinoides sacculifer,
Orbulina universa, Globigerina bulloides and Neogloboquadrina pachyderma take an
exponential form and indicate that these foraminifera species all incorporate Mg at a rate
of approximately 10%/°C (exponential constants vary between 0.085 and 0.102; [Lea, et
al., 1999; Mashiotta, et al., 1999; Nürnberg, et al., 1996; von Langen, et al., in press].
The pre-exponential constant, which determines the absolute temperature, ranges from
0.3 to 1.36, although all cultured species except O. universa fall in the range of 0.3 to 0.5.
The reason for the large difference between O. universa and the other planktonic species
is unknown, although O. universa is morphologically unique in its formation of a final
spherical chamber.  Mg-paleothermometry errors are on the order of 1.0-1.4°C.  Core top
and sediment trap studies are in good agreement with the culturing equations, and these
studies have extended the calibration equations to additional planktonic species [Anand,
et al., 2003; Elderfield and Ganssen, 2000; Hastings, et al., 1998; Nürnberg, 1995].
Although both tropical and temperate species have similar exponential constants, tropical
species have lower pre-exponential constants than temperate and subpolar species [von
Langen, et al., in press]. (Figure 8).
The development of benthic foraminiferal calibration equations has lagged behind
that of planktonic foraminifera, in part due to the difficulty in culturing these species, and
the acquisition of live (eg.,  rose-bengal stained) benthic formanifera from multi-cores or
box cores with good sediment-water interfaces.  Rosenthal et al [1997] defined a
calibration equation for the epifaunal genus Cibicidoides between 5-18°C, which was
extended to bottom water temperatures (<3°C) by Martin et al. [2002], yielding an
exponential equation of
Mg/Ca=0.85.11BWT
The standard error derived from the data set is 1.14°C.   A study of Mg/Ca in other
species of benthic foraminifera indicated that although several common species yielded
results similar to that of Cibicidoides, the paleoceanographically important species
Uvigerina apparently has a lower temperature sensitivity [Lear, et al., 2002; Martin, et
al., 2002].
Mg/Ca paleothermometry has also been successfully applied to marine ostracodes
[Cronin, et al., 2000; Dwyer, et al., 1995].  These small, benthic crustaceans secrete a
calcite shell that incorporates Mg/Ca very similarly to foraminifera (approximately 9%
per °C), although linear calibration equations have been applied [Dwyer, et al., 1995].
Secondary effects
Because paleoceanographers are interested in isolating small temperature
differences, it is important to accurately identify temperature changes.  In addition to the
temperature effect, the most prominent secondary effect on Mg/Ca in biogenic calcites is
dissolution.  Mg/Ca in shell calcite decreases with increasing dissolution on the seafloor.
The cause of Mg loss is as yet uncertain, but may be due to inhomogenous distribution of
Mg in shells and higher solubility of Mg-rich shell components. For instance, studies
have shown that species with gametogenic calcite crusts or certain types of shell
ornamentation, such as N. dutertrei or G. tumida, respectively, are more susceptible to
Mg loss [Brown and Elderfield, 1996; Rosenthal, et al., 2000; Fehrenbach and Martin, in
review]. In order to have confidence in the Mg/Ca proxy it is necessary to either analyze
only pristine shells, or to quantify the amount of dissolution and its effect on the Mg/Ca
ratio.  Dekens et al. [Dekens, et al., 2002], analyzed Mg/Ca in three different planktonic
species along Pacific and Atlantic depth transects in order quantify the percentage of Mg
loss with depth increase, and developed dissolution-corrected calibration equations.  For
instance, for Pacific G. ruber the calibration equation is adjusted by 5% per kilometer
depth.  An alternative approach is to estimate the amount of post-depositional dissolution
by measuring average shell masses and normalizing Mg/Ca ratios accordingly [Rosenthal
and Lohmann, 2002].
Foraminiferal culturing experiments have been done to quantify the effects of
salinity and pH on Mg/Ca.  These studies indicate that although temperature is the
dominant control, both salinity and pH exert a minor influence on shell Mg/Ca.  For G.
bulloides and O. universa, shell Mg/Ca decreases 6% per 0.1 pH unit.  Salinity exerts a
smaller influence of approximately 4% per psu in O. universa [Lea, et al., 1999; Sanyal,
et al., 1996].
3. Quaternary δ18Ow Variations an Example from the Tropical Pacific:
As an example of the combined Mg/Ca and δ18O technique we highlight the work
of Lea et al., [2002] from the equatorial Pacific.  We first focus on TR163-19 (2°N,
91°W) near the Galapagos in the eastern Pacific (Figure 9).  Oxygen isotope
measurements of the surface dwelling planktonic foraminifera Gs. ruber exhibit the
characteristic “saw-tooth” pattern observed in most if not all Quaternary δ18O profiles.
The glacial interglacial difference in δ18Ocarbonate is ~1.8‰.  Mg/Ca concentrations on the
same species of planktonic foraminifera are interpreted to reflect a glacial-interglacial sea
surface temperature (SST) difference on the order of ~2.6°C.  If we strictly interpret the
Mg/Ca results as SST and convert the temperature difference into δ18O space we can then
subtract the “SST” signature from the observed δ18Ocarbonate.  This yields a predicted
δ18Owatertime-series (estimated error ± ~0.2‰) that includes glacial (eustatic) and
local/regional δ18Ow differences.  The difference during the last glacial maximum is
~1.2‰ which if the whole ocean were heavier by ~1‰ leaves ~0.2‰.  If the glacial
salinity-δ18Owaterrelationship were similar to today’s, this difference implies an ~1psu
increase either by reduced rainfall or a stronger influence of subtropical surface waters
brought to the equator in the North Equatorial Current.  Given the location of the core
relative the modern day Inter-tropical convergence zone (ITCZ) a southward
displacement of the ITCZ would allow for more subtropical water to gain influence over
the site.  Clearly apparent in the time-series is the fact that tropical SST leads δ18Owater by
~3kyr, particularly on transitions to interglacial periods.
Because of questions regarding the exact history of eustatic (glacial) δ18Owater and
the lack of a standardized curve (where at least every use would be working with the
same record) Lea et al., [2002] like many others do not explicitly subtract out an ice
volume component.  Instead Lea et al., [2002] use a “site to site” comparison with ODP
806, a core from the western equatorial (0°, 159°E) Pacific warm pool (Figure 10).  The
site to site comparison assumes that the ice volume signal is common in each record and
therefore differences between the two δ18Owater records are a reflection of changes in local
salinity (δ18Owater).  In the western Pacific the δ18Owater glacial-interglacial amplitude is
only ~0.75‰ and less than that expected due to ice volume.  This observation requires
that the surface waters overlying ODP 806 had a more negative δ18Owater than today and
most likely were also less saline.  In combination with the results from TR163-169 the
ODP 806 results indicate a different surface water δ18Owater gradient in the tropical Pacific
during glacials with the east being more positive and the west being more negative.  An
additional feature in both records, and especially in that of ODP806, is what appears to be
a long-term secular trend in δ18Owater on the order of ~0.1‰/kyr.  If not an artifact, such a
trend could indicate a larger glacial sea level drop earlier in the record (ie., MIS 12) and
or a change in the mean δ18O of glacial ice.
Where does δ18Owater reconstructions stand?  The signals that we would like to
directly interpret are small and there have been inconsistencies when one study applies a
calibration from one lab to another set of results or species measured by a different
technique. The observation of inter-laboratory offsets has necessitated standardization of
Mg/Ca techniques [c.f. Rosenthal et al 2002; Lea et al., 2002].  Consistently applied error
propagation is necessary so that one can gauge the validity of any single down-core
result: ideally we want to be able to interpret sub-millennial variability when the
sedimentary-depositional environment allows us to.  To remove the ice volume
component from the estimated δ18Owater requires at the very least, a common
internationally agreed upon standard Quaternary sea-level record and ice volume (δ18O)
scaling.
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Figure Captions
Figure 1. Western Atlantic salinity (psu) profile as a function of latitude and depth (m)
observed during the GEOSECS expedition.
Figure 2.  Relationship between potential temperature (°C), salinity (psu), and sea water
potential density (σt: kg-m-3).  Representative values for the three main interior water
masses in the Atlantic basin are shown.
Figure 3. A cartoon representation of the “Imbrie-Kipp” transfer function technique (cf.,
Fig 1 of Kipp [1979]). Relative abundance of foraminifera species and/or morphotypes
determined from faunal census counts of the >125µ size fraction with at least 300
individuals counted per sample.  Benthic forams and/or foram fragments are also counted
and used as a proxy for preservation.  Data may be “row normalized” and the relative
abundances are decomposed via (Q-Mode) empirical orthogonal factor analysis.
Depending on the type of analysis one is attempting to relate spatial patterns of
abundance or “commonality” of the relative abundances.  In practice, the decomposition
of global core-top databases yields 5-7 major “factors” or the analysis can be basin
specific.  The resulting factors are in essence regressed via a multiple-linear regression
against environmental variables (eg., salinity) which then provides a “key” to transform
down-core species assemblages back into an environmental variable.  In concept, the
modern analog technique is similar but seeks to relate the factors directly back to
environmental variables without a regression algorithm.
Figure 4.  Transfer function based surface salinity estimate from the Columbian Basin
(after Prell and Hays, [1976]) through marine isotope stage 6.  Left vertical axis is depth
down core (metres) and corresponding carbonate (isotope) stage designations is provided
on the right.
Figure 5.  a) Mean annual δ18O of precipitation as a function of latitude (°N) and altitude,
an update using the IAEA ISOHIS database to figures originally reported in eg.,
Dansgaard 1964; Rozanski et al., 1992 among others. b) Cartoon schematic of the effect
of a growing ice-sheet on mean ocean δ18O.
Figure 6. a) Surface water salinity versus δ18O (‰) in the Pacific and representative deep-
ocean values (redrawn after Craig and Gordon, [1965]).  b) Relationship between 0-
10metre salinity and surface ocean δ18O (‰) for all surface waters (data from the online
data base of Schmidt et al., [1999]).  Note the different “zero-salinity” end-members and
the corresponding changes in slope.  c) Atlantic surface water salinity-δ18O relationships
(redrawn after Fairbanks et al., [1992]).
Figure 7.  Last glacial maximum salinity (psu) and potential temperature (°C) as
estimated from pore-water chlorinity, δ18O pore-waters, and benthic foraminiferal δ18O at
four ODP core sites.  The stippled regions represent propagated error ranges, and curved
lines denote lines of constant density (σ4) during the last glacial maximum.  The arrows
demark mean ocean salinity for present (~34.7) and during the glaciation (~35.9).
Present day values/estimates for the core locations are also shown.  Redrawn after Adkins
et al., [2002].
Figure 8.  A composite of planktonic foraminifera temperature (°C) versus Mg/Ca
(mmol/mole) “calibrations”.
Figure 9.  a) TR163-19, eastern equatorial Pacific downcore Gs. ruber δ18O (‰- blue)
and Mg/Ca (mmol/mole and SST°C estimate – red).  b) Deconvolved δ18Owater (‰ – blue)
and Mg/Ca-SST (°C - red) using the data of a.  Data from Lea et al., [2002].
Figure 10.  A comparison of Quaternary (0-450 kyrBP) planktonic foraminifera surface
δ18Owater (‰) reconstructions from the western (ODP 806; solid blue) and eastern (TR163-
19; dotted red) equatorial Pacific.  To minimize noise the individual data were passed
through a triangle filter, and data have not had a sea level δ18O correction applied.
Redrawn after Lea et al., [2002].  Core top δ18Owater estimates are consistent with modern
day observations.
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